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Abstract 16 

Recent work has suggested that the non-flux adjusted global climate models used to project 17 

future climate changes may significantly overestimate the stability Atlantic Meridional 18 

Overturning Circulation under anthropogenic global warming. Recent work has suggested that 19 

correcting the temperature and salinity fields via flux adjustment reduces model stability.  20 

However temperature, salinity and density fields in flux-adjusted models likely deviate from 21 

observations because of biases in model physics as well as inaccuracies in fluxes. In such cases it 22 

is unclear whether adjusting the fluxes to produce a more realistic density field will result in a 23 

model with more realistic stability properties, as flux correction may be compensating for other 24 

inaccuracies in model formulation. We investigate this question using a simplified dynamical 25 

box model,- in which we can flux-correct one version of the model to look likematch density 26 

gradients withinimitate the characteristics of another version of the model. We show that flux 27 

adjustment can realistically compensate for biases in stability associated with some processes 28 

(such as uncertainty in the value of the eddy stirring coefficient AGM and wind stress biases in the 29 

Southern Ocean) but not others (such as inaccurate simulation of the relationship between 30 

density structure and overturning or the eddy stirring coefficient ARedi).  31 



1. Introduction 32 

 33 

 The Atlantic Meridional Overturning Circulation plays a critical role in global climate, 34 

moving heat into polar regions and warming the high Northern lLatitudes (Zhang and Delworth, 35 

2005). The resulting impact on climate is felt at global scales, with changes in the overturning 36 

linked causing shifts in tropical rainfall, asymmetries in tropical cyclone formation (Goldenberg 37 

et al. 2001; Zhang and Delworth, 2006) as well as impacting ecosystems around the North 38 

Atlantic (Shuman et al., 2002). Because the high latitude North Atlantic is both colder and 39 

fresher than subtropical waters, it has been recognized for many years that changes in freshwater 40 

fluxes could play cause a collapse of the AMOC similar to that seen during in the wake of the 41 

last deglaciation. Stommel (1961) used a simple box model to develop an analytic solution for 42 

overturning collapse, suggesting that it could occur if the density difference associated with 43 

salinity approached half of that associated with temperature. This model has two potential states, 44 

one in which the overturning is strong and flushes the high latitudes of salty waters, and a 45 

reversed case where the high latitudes are very fresh and the overturning is weak and reversed. 46 

Manabe and Stouffer (1988) found similar states within a fully coupled Atmosphere-Ocean 47 

General Circulation Model. However, their model was “flux-adjusted”, i.e. the fluxes produced 48 

by the atmospheric and oceanic states were corrected so as to produce a realistic density field.  49 

Flux adjustment has been abandoned in the modeling community in recent years and the 50 

resulting models have generally failed to show a strong instability in the overturning circulation 51 

under global warming (Weaver et al., 2012).  52 

 Recent work by Liu et al. (2017) has suggested that the current class of models is biased 53 

towards being too stable. Taking a version of the NCAR CESM (Collins et al., 2006; Yeager et 54 



al., 2006REF) they flux-adjust the density fields and find that the AMOC in the adjusted model 55 

declines much more sharply under global warming than in the unadjusted model. They link this 56 

to a failure to simulate the salinity structure and thus the freshwater flux associated with 57 

overturning.   58 

However, it is not clear whether the failure of models such as the NCAR CESM to 59 

simulate the observed salinity and temperature field ultimately stems from incorrect surface 60 

fluxes or from biases in model physics. Correcting the density field will give the correct result if 61 

biases result from lack of water vapor transport into (or out of) the Atlantic basin as it addresses 62 

the root cause of the problem. On the other hand, if the problem lies in the physics of the climate 63 

model itself it is far from clear that flux adjustment would produce a more accurate estimate of 64 

model stability. 65 

 One way of answering this question would be to try to flux-correct one climate model to 66 

look like another and see whether such a correction reproduced the change in stability.  67 

However, climate models are extremely complicated and differ in resolution, physical 68 

parameterizations and model numerics. As a result, even models with identical atmospheres and 69 

sea ice codes can give startlingly different overturning behavior depending on the ocean model 70 

(Gnanadesikan et al., 2014). This means that even if flux correction could make one model look 71 

like another we still would have little sense of why it did so.  72 

 In this paper we turn to a simpler system, a dynamical box model with three surface 73 

boxes (southern, low-latitude, and northern) and one deep box similar to that studied by Johnson 74 

et al. (2007). The volume of the low-latitude deep box is allowed to vary following the mass 75 

balance set out by Gnanadesikan (1999) and temperature and salinity in the four boxes are 76 

allowed to vary. The model has a relatively small number of parameters- some of which are 77 



known to vary widely across climate models.  This enables an experimental design where one 78 

parameter is varied and the sensitivity of the AMOC to the freshwater flux into the North 79 

Atlantic box is examined.  We show that flux-adjustment is able to adjust for biases in stability 80 

due to certain differences in physical parameterization, but not for others. The model is 81 

introduced in Section 2 and the uncertainties in a number of parameters are considered in Section 82 

3. Results for changing these parameters are presented in Section 4 and the implications and 83 

discussions are summarized in Section 5. 84 

 85 

2. Model description 86 

 87 

 The model used in this paper is a dynamical box model with four boxes, surface boxes in 88 

the southern high, low and northern high latitudes and a deep box. The volumes of the high 89 

latitude surface boxes are fixed but the volume of the low latitude box and deep box vary as the 90 

pycnocline depth is allowed to vary.  The volume of the low-latitude box 𝑉𝐿𝑜𝑤 is controlled by a 91 

mass balance following Gnanadesikan (1999) in which there are two inputs –- upwelling from 92 

the deep ocean 𝑀𝑢𝑝𝑤 and Ekman flux from the Southern Ocean 𝑀𝑒𝑘  – —and two outputs – the 93 

Northern Hemisphere overturning 𝑀𝑛 and the advective eddy flux in the Southern Ocean 𝑀𝑒𝑑𝑑𝑦 94 

which returns a significant fraction of the Ekman flux to the Southern Ocean. 95 

𝜕𝑉𝐿𝑜𝑤

𝜕𝑡
= −

𝜕𝑉𝐷𝑒𝑒𝑝

𝜕𝑡
= 𝑀𝑢𝑝𝑤 + 𝑀𝑒𝑘 − 𝑀𝑒𝑑𝑑𝑦 − 𝑀𝑛    (1) 96 

We use the same closures as Gnanadesikan (1999) for each of these fluxes. The upwelling flux 97 

𝑀𝑢𝑝𝑤 depends on the magnitude of the vertical diffusion coefficient 𝐾𝑣, the depth of the low-98 

latitude box D and the surface area of this box A (set to 2x 1014 m2) to cover the area of the 99 

tropics. 100 



𝑀𝑢𝑝𝑤 =
𝐾𝑣𝐴

𝐷
  (2) 101 

The Southern Ocean Ekman flux 𝑀𝑒𝑘 =
𝜏𝑠𝐿𝑥

𝑠

𝜌𝑓𝑠
 where 𝜏𝑠 is a wind stress, is the  𝐿𝑥

𝑆  is the 102 

length around the Circumpolar region (set to 25000 km) and 𝑓𝑠 is a Coriolis parameter. In our 103 

code in our code we set 𝑀𝑒𝑘 as a model parameter. The streamfunction associated with the eddy 104 

flux 𝑀𝑒𝑑𝑑𝑦 depends on the interface height diffusion coefficient 𝐴𝐺𝑀 (Gent and McWilliams, 105 

1990) and the slope of the pycnocline in the Southern hemisphere 𝐷/𝐿𝑠
𝑦

 where 𝐿𝑦
𝑆  (set to 800 km 106 

here) is the length scale over which the thermocline shallows in the Southern Ocean. Integrating 107 

around the Circumpolar region, using the same length scale as used for the Ekman flux  𝐿𝑥
𝑆 ,  108 

gives us the eddy flux 109 

𝑀𝑒𝑑𝑑𝑦 =
𝐴𝐼𝐷𝐿𝑥

𝑠

𝐿𝑦
𝑠   (3) 110 

Finally, the Northern Hemisphere overturning 𝑀𝑛 depends on the density difference between 111 

high northern and low latitudes, which we use to define a reduced gravity 112 

𝑔′ = 𝑔
{𝜌(𝑆𝑁 , 𝑇𝑁 , 𝑝 = 0) − 𝜌𝐿(𝑆𝐿 , 𝑇𝐿 , 𝑝 = 0)}

𝜌(𝑆𝑁, 𝑇𝑁, 𝑝 = 0)
 (4) 113 

where the density is computed using the full nonlinear equation of state and 𝑇𝐿,𝑁 , 𝑆𝐿,𝑁 refer to the 114 

temperatures and salinities in the low and northern boxes respectively. Then  115 

𝑀𝑛 =
𝑔′𝐷2

𝜖
  (5) 116 

wWhere 𝜖 is a scaling parameter that incorporates a variety of geometric and physical controls 117 

on the overturning.  118 

These four net mass fluxes are then used to advect temperature and salinity between the 119 

different boxes. Additionally, we add mixing fluxes between the surface southern box and the 120 



deep ocean to simulate the formation of Antarctic deep waters, and mixing fluxes between the 121 

low and high latitude boxes in both hemispheres to simulate the along-isopycnal mixing of heat 122 

and salt due to mesocale eddy diffusion and gyre circulation. The latter fluxes are defined as  123 

𝑀𝐿𝑆,𝐿𝑁 = 𝐴𝑅𝑒𝑑𝑖 ∗ 𝐷 ∗
𝐿𝑥

𝑠,𝑛

𝐿𝑦
𝑠,𝑛 124 

By by analogy with the Gent-McWilliams flux, but with  𝐿𝑥
𝑛 =5000 km (as it only applies within 125 

the North Atlantic Ocean rather than around the Circumpolar Current) and 𝐿𝑦
𝑛 =1000 km. Finally, 126 

we include a vertical mixing flux in the Southern oceanSouthern Ocean of 15 Sv, to account for 127 

the fact that the deep ocean is affected by both Northern and Southern source waters. Below we 128 

vary a subset of these parameters (𝐾𝑣 , 𝑀𝑒𝑘 , 𝐴𝐺𝑀 , 𝐴𝑅𝑒𝑑𝑖and 𝜖) in ways that mimic differences seen 129 

across modern climate models. 130 

 131 

3. Sources of parameter uncertainty in climate models 132 

 133 

a.) NH resistance to overturning 134 

 135 

 The relationship between overturning and NH density gradients may differ across 136 

models. Using the simplified coupled AGCM Climber-3a and a definition of D which is exactly 137 

twice the value we use here, Levermann and Furst (2010) found that a constant value of the 138 

resistance parameter 𝜖 ≈2x10-4 s-1 produced a reasonable fit to a suite of simulations made under 139 

different conditions, but also that there was significant spread around this relationship. De Boer 140 

et al. (2007), using an idealized coupled model, found that changes in overturning geometry 141 

could yield substantially different values of . In our model we started by assuming a pycnocline 142 

depth (defined as the first moment of the density perturbation relative to 2000m) of 400m and an 143 



NH overturning of 22.5 Sv. The difference between the average density within the top 400m of 144 

the Atlantic (26.3) and the North Atlantic Deep waters (27.8) allows us to solve for a resistance 145 

parameter of 1 x 10-4 s-1. We then examined the impact of doubling and halving this value.  146 

 147 

b.) Vertical mixing 148 

 149 

 It is generally recognized that the value  Kv = 0.1x 10-5 m2/s measured by Ledwell et al., 150 

(1993) is typical of the low-latitude thermocline. Given the e-folding scale of 400m found in 151 

observed hydrography, this then gives an upwelling flux of 5 Sv, or about ¼ of Northern 152 

Hemisphere overturning. This implies that much of the transformation of light to dense water in 153 

the North Atlantic is balanced by upwelling in the Southern Ocean. As discussed in 154 

Gnanadesikan et al. (2004), higher values of the mixing coefficient produce much greater 155 

amounts of tropical upwelling, which then means thatresults in lower radiocarbon concentrations 156 

in the tropics are much lower than observed. However, the effective mixing coefficient in models 157 

may be higher than this due to implicit mixing from the advection scheme. We thus consider one 158 

larger values of the vertical mixing at 0.5 x 10-4 m2/s and a limiting lower value of 0.  159 

 160 

c.) Southern Hemisphere flux 161 

The net transformation of dense to light water in the Southern Hemisphere is the sum of a 162 

northward Ekman flux and southward eddy flux. Given a Northern Hemisphere overturning of 163 

22.5 Sv, and a tropical upwelling of 5 Sv, our model would then demand that the sum of these 164 

two fluxes be 17.5 Sv.  This is broadly consistent with Meijers (2014) who found the net inflow 165 

of Circumpolar Deep Water to the Southern Ocean in the CMIP5 models 13 +/- 9 Sv.  166 



Climate models have long shown significant differences in how well they simulate wind 167 

stress over the Southern Ocean, with clear implications for the resulting Ekman flux. Russell, 168 

Stouffer and Dixon (2006) found a twofold range in the maximum wind stress over the Southern 169 

Ocean across 23 models that were part of the CMIP3 intercomparison. Swart and Fyfe (2012) 170 

showed that the CMIP5 models showed a smaller range of maximum wind stresses from (0.18 to 171 

0.22 Pa) but with significant ranges in where this maximum was found, with one model placing 172 

it as far north at 45°S, one as far south at 53°S. The ensemble average of the CMIP5 models 173 

place the mean position at 50°S, about two degrees equatorward of the observed mean position. 174 

While such differences may seem minor, moving the jet equatorward biases 𝐿𝑥
𝑠  high and 𝑓𝑠  low, 175 

so getting the peak wind stress right but the shifting the peak latitude equatorwards by 2 degrees 176 

results in a 7% bias in Ekman flux. Across the entire range of CMIP5 models it is closer to 25%. 177 

Variations in Ekman flux are much larger if one assumes that what matters is not the maximum 178 

wind stress, but the stress at the northern edge of Drake Passage (35 Sv in the ERA40 179 

reanalysis). The wind stress at this latitude must be balanced by form drag with the bottom and 180 

thus must set the entire water column into motion, while winds further to the north can pile up 181 

water along the west coast of South America allowing for a near-surface geostrophic return flow. 182 

In the CMIP5 models, this flux can be as small as 6.5 Sv in the IPSL-CM5A models (Dufresne et 183 

al., 2013). Below, we consider three values for the Ekman flux, 20, 30 and 40 Sv, with the 184 

central value as the control case. 185 

 The Gent-McWilliams coefficient in the Southern Ocean also varies across models. In the 186 

GFDL ESM2M  model (Dunne et al. 2012), the values are given by a closure based on the 187 

growth rate of baroclinic eddies in which the coefficient depends on the slope,  but with a peak 188 

value of 800 m2/s. In the HadGEM model (Johns et al., 2006) the peak value is 2000 m2/s.   In 189 



the current version of the DOE E3SMv2 model it is 1800 m2/s (Petersen et al., in prep.).  Below 190 

we consider three values of 𝐴𝐺𝑀, 500, 1000 and 2000 m2/s, roughly spanning the range of 191 

potential values used in modern models. In full coupled models it is likely that changes in wind 192 

stress and eddy coefficient might also be associated with changes in the meridional length scale 193 

𝐿𝑦
𝑠  (Levermann and Furst, 2010), but currently no theory exists to predict such changes. Our 194 

results should thus be taken as illustrative of the kinds of changes associated with changes in the 195 

geometry of Southern Ocean flows and strength of Southern Ocean eddies rather than strictly 196 

predictive of the impact of changing an eddy coefficient. Given the values used here for 𝐿𝑦
𝑠 , a 197 

value of 1000 m2/s with a pycnocline depth of 400 m will give an eddy return flux of 12.5 Sv, 198 

closing our balance when the Ekman flux is set to 30 Sv.   199 

  200 

d.) Along-isopycnal mixing coefficient  201 

 202 

 As described in Gnanadesikan et al., (forthcoming) the lateral mixing coefficient 𝐴𝑅𝑒𝑑𝑖 203 

shows even more variability across models than does 𝐴𝐺𝑀. Some modern climate models (for 204 

example GFDL’s ESM2G model of Dunne et al¸2012 and NCAR CESM4 of Danabsasoglu et 205 

al., 2009) prescribe values of 𝐴𝑅𝑒𝑑𝑖 = 𝐴𝐺𝑀 with a spatially varying pattern that depends on the 206 

local baroclinicity.  Others use constant values ranging from 500 m2/s (the HadGEM model of 207 

Johns et al., 2006) to 2000 m2/s (the CMCC model Fogli et al., 2009). Still others scale the 208 

diffusion coefficient to the grid spacing (the MPI model of Marsland et al., 2003 has a maximum 209 

value of 400 m2/s).  As described in Pradal and Gnanadesikan (2014), the value of ARedi can have 210 

important impacts on high-latitude convection, as higher values transport more salt into high 211 

latitude surface layers, destabilizing the surface layer and allowing for more vigorous deep 212 



convection.  In this study we choose a baseline value of 𝐴𝑅𝑒𝑑𝑖=1000 m2/s, equivalent to our 213 

baseline 𝐴𝐺𝑀. We also consider the impact of doubling this coefficient (yielding a value identical 214 

to that used in CMCC) and halving it (yielding a value identical to that used in HadGEM). We 215 

do this independently of AGM as is done in a subset of climate models. Such divergence, and as 216 

may be justified by the fact that AGM involves advection of PV, which is not a passive tracer and 217 

thus may interact differently with turbulence. 218 

 219 

4. Impact of parameter changes on model stability 220 

 221 

We now step through different coefficients, though in a slightly different order than they 222 

were presented above. We, starting with the vertical diffusion, then moveing to the Ekman flux 223 

and AGM coefficients and then finishing with the 𝐴𝑅𝑒𝑑𝑖coefficient the efficiency parameter 𝜖. As 224 

will be seen, this allows us to movescontrast from the parameters where flux adjustment helps to 225 

works best to find the estimate critical stability withto the ones where it can yield serious errors. 226 

 227 

a.) Vertical diffusion 228 

We begin by looking at how the vertical diffusive coefficient affects the stability of the 229 

overturning circulation as freshwater flux is increased. As shown in Fig. 2a, all three of our 230 

simulations show that the overturning circulation decreases and then collapses as the NH 231 

freshwater flux increases. When the mixing coefficient is zero, the collapse occurs above 0.8 Sv 232 

and corresponds to an overturning of 17.8 Sv. For the baseline case,  the freshwater flux must be 233 

greater 0.9 Sv and the corresponding overturning is 21.2 Sv, while for the high mixing case the 234 

collapse occurs at a flux of 1.05 Sv and an overturning exceeding 33 Sv. The collapse is   235 
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associated with a deepening of the pycnocline (Fig 2b). This deepening sharply increases the 236 

eddy-induced flux of light water into the Southern Ocean, and represents a state where this flux 237 

essentially balances the Ekman flux (or in the high mixing case, also carries an additional 238 

diffusive upwelling into the Southern Ocean). Such a two- state behavior of this type of model 239 

was described by Johnson et al. (2007). 240 

However, if we look at the density difference at which the overturning collapses, it is 241 

essentially the same across all three simulations.  This has interesting implications for what flux 242 

correction would do to our model. If we assume that the correct diffusive coefficient is 1 x 10-5 243 

m2/sm2/s, the observed density gradient of 1.5 kg//m3 would correspond to a NH freshwater flux 244 

of ~0.57 Sv in the control simulation-about 0.33 Sv below the critical transition point. This 245 

would imply that an additional freshwater flux of 0.33 Sv would be required shut off the 246 

overturning. If our model has too much diffusion, but the correct freshwater flux, the density 247 

gradient would be slight too large (1.57 kg/m3) and such a model would predict that the required 248 

additional freshwater flux to shut off the overturning would be 0.48 Sv. However, if we flux-249 

correct the high mixing model to get the right density gradient, we would add an additional 0.1 250 

Sv of freshwater flux, the marginal addition required to switch off the overturning would only be 251 

0.38 Sv, and the density criterion to switch off the overturning would be exactly correct. Flux 252 

adjustment in this case would not result in a model that reproduced the solution of the baseline 253 

model (the overturning would still be too high and the pycnocline too shallow) but the estimate 254 

for how stable the model is would be substantially improved. This can be seen by looking at the 255 

overturning plotted against the density gradient (Fig 3a) rather than the freshwater flux. Although 256 

the transition from northern overturning on to off occurs at a different value of freshwater flux 257 



(transition occurs at a different point on the x-axis in Fig. 2a) it occurs at approximately the same 258 

value of density gradient (transition occurs at the same point on the x-axis in Fig. 3a). 259 

 260 

b.)  Ekman flux  261 

A similar story holds for changing the Southern Ocean Ekman flux. As seen in Fig. 4a, 262 

the same picture of collapse holds as freshwater fluxes increase, with a concomitant deepening of 263 

the pycnocline and shift in the Southern Ocean circulation from net negative to near-zero/net 264 

positive. Similar to vertical mixing, increasing the magnitude of the Ekman flux both increases 265 

the overturning circulation and the freshwater flux required to shut it off.   266 

Focussing on the point of collapse reveals a subtler picture. The overturning at the point 267 

of collapse is quite different across the three values of Ekman flux, 14 Sv for a 20 Sv Ekman flux 268 

but 29 Sv for a 40 Sv Ekman flux - more than a factor of two. However, the required freshwater 269 

flux is 0.7 Sv in the low- mixing case and 1.0 Sv in the high- mixing case. Doubling the 270 

“pumping” of water from the Ekman flux thus requires only a 45% increase in freshwater flux to 271 

shut off the overturning.  272 

 If we were to assume the real world were like our central model, flux-adjusting the high 273 

Ekman flux model flux to match the true density gradient would give us a NH freshwater flux of 274 

around 0.65 Sv, again ~0.35 Sv below the transition point.  For the low Ekman flux model, 275 

matching the density gradient gives us an Ekman flux of ~0.46 Sv, about 0.25 Sv below the 276 

transition point. In both cases, matching the density gradient moves the perturbed model closer to 277 

the “true” distance from the transition point, and thus improves the estimate of how large a 278 

perturbation freshwater flux is required to shut off the overturning. Note however, that the 279 

prediction is not exact:, the flux-adjusted low Ekman flux model becomes unstable to positive 280 



perturbations well before the “true” model does. This can be clearly seen by looking at Fig 3b, 281 

the transitions do not occur at exactly the same density, but shift from around 1.0 kg/m3 in the 282 

low Ekman flux case to 1.2 kg/m3 in the high- mixing flux case.  283 

 284 

c.) Gent-McWilliams eddy coefficient 285 

 286 

 A broadly similar picture to Fig. 4 is seen for the Gent-McWilliams coefficient (Fig. 5), 287 

where now lower values of the coefficient give a stronger transformation of dense to light water 288 

in the Southern Ocean as less of the Ekman flux is returned. This then produces and a stronger  289 

NH overturning, requiring a higher freshwater flux to shut it off.   For AGM AGM=2000 m2/s the 290 

overturning collapses between freshwater fluxes of 0.7 and 0.75 Sv and a strength of about 14 291 

Sv. These values are very similar to the MekMek=20 Sv case reported in the previous section.  For 292 

AGM=500 m2/s the collapse occurs between freshwater fluxes of 0.95 and 1.0 Sv at a value of 293 

around 26 Sv. However, as was the case for the Ekman flux, the value of the critical density 294 

gradient is much more similar between the two extreme cases (Fig. 3c), occurring near a value of 295 

1.2 kg/m3 in the low mixing case and 1.0 kg/m3 in the high mixing case.   296 

 The performance of flux adjustment at predicting the stability of the perturbed models 297 

when the bias is in AGM is similar to that for Mek. The high mixing case gets the right density for 298 

a freshwater flux of 0.47 Sv and the transition occurs at 0.7 Sv, just as it does in the Mek=20 Sv 299 

run, so that a perturbation of about 0.23 Sv is required to shut off the overturning. This is still 300 

larger than the 0.13 increase we would predict if we got the freshwater flux right but the GM 301 

coefficient wrong, and so just as with Ekman flux, flux adjustment helps to improve the estimate 302 

of stability. 303 



 304 

d.) Along-isopycnal diffusion coefficient 305 

 306 

The along-isopycnal diffusion coefficient ARedi has a weaker impact on overturning and 307 

its sensitivity than does AGM, but its impacts are in the opposite direction. As shown in Fig. 6, 308 

increasing ARedi from 500 to 2000 m2/s results in the freshwater flux inducing the overturning to 309 

collapse to increase from 0.85 to 0.95 Sv and the value of overturning at which the collapse to 310 

occurs to decrease slightly from 21.5 to 21.1 Sv. This makes sense as high diffusion coefficients 311 

reduce the gradient in salinity, acting in the opposite direction as the freshwater flux. Along the 312 

branch of the solution where the NH overturning is on, the solutions for fluxes below about 0.85 313 

Sv are essentially identical for the three values of ARedi.  As a result, as seen in Fig 3d, biases in 314 

ARedi do not fundamentally change the relationship between density gradient and NH overturning 315 

when we have northern sinking. This means that if our true model had a density gradient of 1.5 316 

kg/ m-3 but the wrong ARedi, flux adjustment would do nothing to actually correct the stability 317 

biases introduced by this incorrect coefficient. Along the branch of the solution where the NH 318 

overturning is off, it appears that flux adjustment can make the solution at one value of ARedi look 319 

like the solution at a higher value of ARedi. In this case, however, such an adjustment will come at 320 

the price of making the model seem more stable than it actually is. Adjusting a solution along the 321 

blue line to a greater stability associated with the same flux but a higher mixing coefficient 322 

would require putting more freshwater into high latitudes, making it more difficult to recover 323 

from our “overturning off” state. 324 

 325 

e.) NH efficiency of overturning 326 



 327 

 Finally, we turn to the parameter 𝜖 that governs the relationship between the large-scale 328 

density structure and the overturning. Increasing this parameter results in an overturning that is 329 

weaker and which collapses at lower values of freshwater flux (Fig. 7a). At 𝜖=2 x 10-4 s-1 the 330 

overturning collapses at a value of around 18.4 Sv and a freshwater flux of 0.65 Sv, while at 𝜖=2 331 

x 10-4 s-1 it collapses at a value of around 24 Sv and a freshwater flux of 1.15 Sv, almost twice as 332 

high. The increased resistance results in a deep pycnocline depth (Fig. 7c) which then reduces 333 

the net transformation of dense to light water in the Southern Ocean (Fig. 7b). In the 𝜖=2 x 10-4 s-334 

1 case, the target density of 1.5 kg/m3 is found at a value of 0.51 Sv, close to the 0.57 Sv in which 335 

it is found in the baseline case. Thus if we were to run the model with the “right” water flux but 336 

too high an 𝜖 we would conclude that we were too close to a collapse (with only a 0.08 Sv or 337 

15% increase in water flux required rather than the 0.23 Sv increase found for our baseline case). 338 

Flux-adjusting the model would get us a model that required 0.14 Sv to shut off the overturning, 339 

which moving moves the model in the right direction, but only partly. Similarly, the model with 340 

low resistance produces the right density gradient at 0.62 Sv, requiring an additional flux of 0.43 341 

Sv to shut off the overturning, rather than 0.48 Sv given the “right” water flux. Flux-adjustment 342 

in this case only compensates for a small fraction of the bias in stability. This can also be seen by 343 

looking at the relationship between overturning and density gradient (Fig. 7d) which clearly 344 

shows that the transition occurs at a substantially different point for the different values of 𝜖.  345 

 346 

5. Conclusions 347 

 348 



We have shown that flux correction may offer useful insight into the stability of the ocean 349 

overturning beyond what would be expected from its ability to correct for biases in fluxes. In our simple 350 

model, while flux adjustment does not correct for biases in circulation due to incorrect values of vertical 351 

mixing, Southern Ocean Ekman flux, or Southern Ocean eddy overturning, it does substantially allow the 352 

incorrect model to better estimate the size of the perturbation freshwater flux needed to shut off the 353 

overturning and the density gradient at which the collapse occurs. However, this is not necessarily true for 354 

all parameters -– weak dependence of the solution on the value of the lateral mixing coefficient ARedi 355 

means that it cannot correct for the differences in stability that biases in this coefficient (which is 356 

remarkably poorly known) can produce. Similarly, flux correction does not capture the changes in 357 

stability associated with biases in the parameter 𝜖 governing the relationship between large-scale pressure 358 

gradient and NH overturning. 359 

This result has some interesting implications for the strategy employed by Liu et al. (2017). First 360 

it suggests that there may be qualitative value in understanding how a flux-corrected version of a climate 361 

model behaves. If the resulting model is more stable or less stable than the base model, this result may 362 

indicate that the base model has either too little or too much stability. However, the reverse is not 363 

necessarily true -– a model which gets the surface densities right does not necessarily always get the 364 

stability right. Our results also suggest that a detailed process understanding of North Atlantic 365 

Overturning,- in particular the ways in which large-scale density fields are converted into an overturning 366 

circulation, continues to be a highly worthwhile endeavor. 367 

 Extensions of this work to more complicated box models may also yield useful insight. For 368 

example, recent work by Cessi and Jones (2017) extended a similar model to a two-basin configuration 369 

which was found to qualitatively predict pathways of interbasin exchange. A key point of the Wu et al. 370 

(2017) paper that motivated this work was related to this question of whether the cold-water or warm 371 

water pathway represented the dominant supply for the NH overturning- as these different pathways have 372 

quite different implications for the salinity budget.  We plan to investigate such questions further in future 373 

work. 374 
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 453 

Figure 1: Schematic of the dynamical box model used in this paper. Italics denote the individual 454 

boxes. Arrows with a single point denote net advective fluxes. Double-headed arrows denote 455 

mixing fluxes. 456 
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 458 

Figure 2: Sensitivity of the model solution to the changing Northern Hemisphere freshwater flux 459 

at different values of the vertical eddy mixing coefficient Kv that affects the flux Mupw in Fig. 1.  460 

Blue lines with + symbols show the results for an Kv=0 m2/s,  red lines with x symbols show the 461 

results for Kv=1x10-5 m2/s,   (default for the other simulations) and yellow lines with o symbols 462 

show results for Kv=1x10-5 m2/s. (A) NH overturning 𝑀𝑛. (B) SH overturning (
𝐴𝐺𝑀∗𝐷∗𝐿𝑥

𝑆

𝐿𝑦
𝑠 −

𝜏𝑠𝐿𝑥
𝑠

𝜌𝑓𝑠
), 463 

positive values correspond to net transformation of light to dense water as for 𝑀𝑛. (C) Low-464 

latitude pycnocline depth. (D) Density difference between high-latitude NH surface box and low-465 

latitude surface box.  466 
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 468 

 469 

Figure 3: Relationship between density gradient and NH overturning across the different model 470 

suites. (a) Effect of varying vertical diffusion coefficient Kv. (b) Effect of varying Southern 471 

Ocean Ekman flux Mek. (c) Effect of varying Gent-McWilliams coefficient affecting Southern 472 

Ocean eddy flux Meddy. (d) Effect of varying lateral diffusion coefficient ARedi affecting mixing 473 

fluxes MLN and MLS.  (e) Effect of varying the resistance coefficient 𝜖 affecting the 474 

proportionality between depth integrated pressure gradient and NH overturning Mn. 475 



 476 

Figure 4: Sensitivity of the model solution to the changing Northern Hemisphere freshwater flux 477 

at different values of Southern Hemisphere Ekman flux. Blue lines with + symbols show the 478 

results for an Ekman flux of 20 Sv, red lines with x symbols show the results for an Ekman flux 479 

of 30 Sv (default for the other simulations) and yellow lines with o symbols show results for an 480 

Ekman flux of 40 Sv. (A) NH overturning 𝑀𝑛. (B) SH overturning (
𝐴𝐺𝑀∗𝐷∗𝐿𝑥

𝑆

𝐿𝑦
𝑠 −

𝜏𝑠𝐿𝑥
𝑠

𝜌𝑓𝑠
), positive 481 

values correspond to net transformation of light to dense water as for 𝑀𝑛. (C) Low-latitude 482 

pycnocline depth. (D) Density difference between high-latitude NH surface box and low-latitude 483 

surface box.  484 
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 486 

Figure 5: Sensitivity of the model solution to the changing Northern Hemisphere freshwater flux 487 

at different values of the Gent-McWilliams eddy mixing coefficient AGM that affects the flux 488 

Meddy in Fig. 1.  Blue lines with + symbols show the results for an AGM=500 m2/s,  red lines with 489 

x symbols show the results for AGM=1000 m2/s,   (default for the other simulations) and yellow 490 

lines with o symbols show results for AGM=2000 m2/s. (A) NH overturning 𝑀𝑛. (B) SH 491 

overturning (
𝐴𝐺𝑀∗𝐷∗𝐿𝑥

𝑆

𝐿𝑦
𝑠 −

𝜏𝑠𝐿𝑥
𝑠

𝜌𝑓𝑠
), positive values correspond to net transformation of light to dense 492 

water as for 𝑀𝑛. (C) Low-latitude pycnocline depth. (D) Density difference between high-493 

latitude NH surface box and low-latitude surface box.  494 
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 496 

Figure 6: Sensitivity of the model solution to the changing Northern Hemisphere freshwater flux 497 

at different values of the lateral eddy mixing coefficient ARedi that affects the flux MLS,LN in Fig. 498 

1.  Blue lines with + symbols show the results for an ARedi=500 m2/s,  red lines with x symbols 499 

show the results for ARedi=1000 m2/s,   (default for the other simulations) and yellow lines with o 500 

symbols show results for ARedi=2000 m2/s. (A) NH overturning 𝑀𝑛. (B) SH overturning 501 

(
𝐴𝐺𝑀∗𝐷∗𝐿𝑥

𝑆

𝐿𝑦
𝑠 −

𝜏𝑠𝐿𝑥
𝑠

𝜌𝑓𝑠
), positive values correspond to net transformation of light to dense water as for 502 

𝑀𝑛. (C) Low-latitude pycnocline depth. (D) Density difference between high-latitude NH surface 503 

box and low-latitude surface box.  504 
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 506 

Figure 7: Sensitivity of the model solution to the changing Northern Hemisphere freshwater flux 507 

at different values of scaling coefficient 𝜖 which governs the conversion between the large-scale 508 

pressure gradients and the overturning. Blue lines with + symbols show the results for 𝜖=5 x 10-509 

5s-1, red lines with x symbols show the results for 𝜖=1 x 10-4s-1 ( default for the other simulations) 510 

and yellow lines with o symbols show results for 𝜖=1 x 10-4s-1. (A) NH overturning 𝑀𝑛. (B) SH 511 

overturning (
𝐴𝐺𝑀∗𝐷∗𝐿𝑥

𝑆

𝐿𝑦
𝑠 −

𝜏𝑠𝐿𝑥
𝑠

𝜌𝑓𝑠
), positive values correspond to net transformation of light to dense 512 

water as for 𝑀𝑛. (C) Low-latitude pycnocline depth. (D) Density difference between high-513 

latitude NH surface box and low-latitude surface box. 514 
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